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Abstract. Nonuniform rock uplift in the form of tilting has been documented in convergent margins, postorogenic landscapes,

and extensional provinces. Despite the prevalence of tilting, the transient fluvial response to tilting has not been quantified such

that tectonic histories involving tilt can be extracted from river network forms. We used numerical landscape evolution models

to characterize the transient erosional response of a river network initially at equilibrium to rapid tilting. We focus on the case

of punctuated rigid-block tilting, though we explore longer duration tilting events and non-uniform uplift that deviates from5

perfect rigid-block tilting such as that observed when bending an elastic plate or with more pronounced internal deformation

of a fault-bounded block. Using a model river network composed of linked 1-D river longitudinal profile evolution models, we

show that the transient response to a punctuated rigid-block tilting event creates a suite of characteristic forms or geomorphic

signatures in mainstem and tributary profiles that collectively are distinct from those generated by other perturbations such

as a step change in uniform rock uplift rate or major truncation of headwater drainage area that push a river network away10

from equilibrium. These signatures include 1) a knickpoint in the mainstem that separates a downstream profile with uniform

steepness (i.e., channel gradient normalized for drainage area) from an upstream profile with nonuniform steepness, with the

mainstem above the knickpoint more out of equilibrium than the tributaries following forward tilting towards the outlet, versus

the mainstem less out of equilibrium than the tributaries following back tilting towards the headwaters; 2) a pattern of mainstem

incision below paleotopography markers that increases linearly up to the mainstem knickpoint, or vice-versa following back15

tilting; and 3) tributary knickzones with nonuniform steepness that mirrors that of the mainstem upstream of the slope-break

knickpoint.

Immediately after a punctuated tilting event, knickpoints form at the mainstem outlet and each mainstem-tributary junction.

Time since the cessation of rapid tilting is recorded by mainstem knickpoint location relative to base level and by the up-

stream end of tributary knickzones relative to tributary-mainstem junctions. Tilt magnitude is recorded in the spatial gradient20

of mainstem incision depth and, in the forward tilting case, also by the spatial gradient in tributary knickzone drop height. Het-

erogeneous lithology can modulate the transient response to tilting and, post-tilt, knickpoints can form anywhere in a stream

network where more erodible rock occurs upstream of less erodible rock. With a full 2-D model, we show that stream segments

flowing in the tilt direction have elevated channel gradient early in the transient response. Tilting is also reflected in network

topologic changes via stream capture oriented in the direction of tilt. As an example of how these geomorphic signatures can25

be used in concert to estimate timing and magnitude of a tilting event, we show a sample of rivers from two field sites: the

Sierra Nevada, California, USA, and the Sierra San Pedro Mártir, Baja California, Mexico, two ranges thought to have been

tilted westward towards river outlets in the late Cenozoic.
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1 Introduction

In unglaciated mountainous terrain, bedrock rivers are the primary drivers of landscape evolution (Howard, 1994). Bedrock

rivers evolve in response to external forcing, including rock uplift rate relative to baselevel and climate, set base level for

bounding hillslopes and the steep headwater valley network where debris flows can dominate, define the relief structure of

the landscape as it is carved into valleys and ridges, and can transmit changes in external forcing through the river network5

(Burbank et al., 1996; Howard, 1994; Howard and Kerby, 1983; Ouimet et al., 2009; Snyder et al., 2000; Stock and Dietrich,

2003; Whipple, 2004; Whipple and Tucker, 1999). The channel steepness index, or the rate at which channel slope changes

with drainage area (Hack, 1957; Flint, 1974; Morisawa, 1962), of rivers that have reached an equilibrium grade (Mackin,

1948) has been shown to reflect spatial patterns in uplift rate, millennial-scale erosion rates, rock erodibility, and climate (e.g.,

Bonnett and Crave, 2003; DiBiase et al., 2010; Duvall et al., 2004; Ouimet et al., 2009; Snyder et al., 2000; Wobus et al., 2006).10

Transient river profiles can record discrete, persistent, or cyclic changes in climate, lithology, relative base level, or drainage

area as the river profile adjusts to the changes and evolves towards an equilibrium channel steepness that reflects modern

boundary conditions (Whipple, 2013). Knowledge of the transient response of bedrock rivers to different perturbations thus

comprises an important geomorphic tool to characterize the history of rock uplift rates, climate, or changes in river network

topology from disequilibrium landscape form (e.g., Beeson et al., 2017; Ferrier et al., 2013; Kirby and Whipple, 2012; Lease15

and Ehlers, 2013; Tucker and Whipple, 2002; Whittaker et al., 2008; Willett et al., 2014; Wobus et al., 2006). Such histories

are critical for testing geodynamic models of orogenesis and quantifying the relative importance of external forcing, such as

climate and tectonics, versus internal complex system response, on the evolution of mountainous landscapes (e.g., Beeson et

al., 2017; Clark et al., 2005; Gallen, 2018; Kirby and Whipple, 2012; Whipple et al., 2017; Willett et al., 2018; Yang et al.,

2015).20

Previous studies have illustrated the expected transient response in bedrock rivers to step changes in uniform rock erodibility

or uplift rate (Baldwin et al., 2003; Bonnet and Crave, 2003; Howard, 1994; Royden and Perron, 2013; Tucker and Whipple,

2002; Whipple and Tucker, 1999), sudden base-level fall or uniform pulses of rock uplift (Grimaud et al., 2016; Rosenbloom

and Anderson, 1994; Whipple and Tucker, 1999), erosion through layered stratigraphy (Forte et al., 2016), and cyclic fluctua-

tions in rock erodibility, base level, or uplift rate (Goren et al., 2016; Snyder et al., 2002). Kirby and Whipple (2001) predict25

that steady-state bedrock rivers adjusted to uplift gradients with maximum uplift either at the channel head or the channel

outlet will have increased and decreased concavities, or the rate of change of river slope with distance downstream, respec-

tively. Whittaker et al. (2008) and Attal et al. (2011) explore the transient response to a step increase in nonuniform uplift

rate on fault-bounded tilted blocks, but with a primary focus on how different erosion formulations modulate the mainstem

response. Despite this progress, well-defined characteristics of the transient response across an entire bedrock river network to30

nonuniform uplift owing to a punctuated tilting event is still lacking.

Nonuniform rock uplift in the form of tilting has been documented across many tectonic settings. Convergent boundaries

where tilting has been documented include the western flank of the central Andes (Farías et al., 2005; Jordan et al., 2010; Lamb

and Hoke, 1997; Saylor and Horton, 2014; Wörner et al., 2002), the Siwalik Hills in the foothills of the Himalaya (Delcaillau et
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al., 2007; Kirby and Whipple, 2001; Lavé and Avouac, 2000; Singh and Tandon, 2007), and the Manawatu region of northern

New Zealand (Jackson et al., 1998). In the postorogenic North American Cordillera, regional tilting has been documented in the

Sierra Nevada (Huber 1981; Jones, 2004; Lindgren, 1911; Unruh, 1991; Wakabayashi, 2013; Wakabayashi and Sawyer, 2001),

the Rocky Mountains (McMillan et al., 2002; Riihimaki et al., 2007), the Salmon River basin (Mitchell and Yanites, 2019),

and the Colorado Plateau (Liu and Gurnis, 2010; Moucha et al., 2009, Moucha et al., 2008; Sahagian et al., 2002). Tilting on5

a smaller scale has been documented on fault-bounded blocks in extensional terrain in the Appenines (Whittaker et al., 2008

and references therein) and throughout the Basin and Range (Stewart, 1980), including the Teton Range (Byrd et al., 1994),

the Wassuk Range (Gorynski et al., 2013), the White Mountains (Stockli et al., 2003), and the Wasatch Range (Armstrong et

al., 2003). Although tilting is widely documented, characteristic forms of bedrock rivers during the transient response to tilting

have yet to be quantified.10

Here, we seek to answer the question: What are the geomorphic signatures of the transient fluvial response to tilting and

can these signatures be used to quantify uplift histories in terms of timing and magnitude? We focus on tilting towards the

river outlet in which the mainstem river network is everywhere steepened by tilting about a horizontal axis located at the river

outlet and oriented perpendicular to the mainstem (referred to throughout as forward tilting), though we simulate the transient

response to other tilt directions relative to the mainstem flow direction to highlight general patterns. Specifically, we simulated15

forward, back (i.e., tilting towards the channel head about a horizontal axis located at the river outlet and oriented perpendicular

to the mainstem) and lateral tilting (i.e., tilting about a horizontal axis located along the mainstem and oriented parallel to the

mainstem) in homogeneous lithology and forward tilting with the simplest case of vertically-bedded heterogeneous lithology.

Additionally, we explore perturbations that generate river profiles with similar characteristics to those produced by tilting. Many

of these perturbations likely generate depositional signatures as well, but in this paper we focus exclusively on the erosional20

response in bedrock rivers. Although we focus on the simple case of a single short-duration rigid-block tilting event that briefly

increases rock and surface uplift rates well above background, we explore both forward tilting over longer timescales and

non-uniform uplift that deviates from perfect rigid-block forward tilting such as that observed when bending an elastic plate

or with more pronounced internal deformation of a fault-bounded block. Lastly, we document the expression of geomorphic

signatures of a punctuated rigid-block tilting event proposed to have occurred in the Sierra Nevada of California, USA (Huber25

1981; Jones, 2004; Lindgren, 1911; Unruh, 1991; Wakabayashi, 2013) and onset of rapid continuous tilting in the Sierra San

Pedro Mártir of Baja California (Rossi et al., 2017). We use these field examples to demonstrate how signatures of tilt in river

profiles and river networks can be applied to estimate the timing and magnitude of tilt in both these regions, but we stress that

in neither case do we consider our analysis to be a robust reconstruction of the regional tectonic histories owing to the analysis

of only a single river basin from each landscape.30

2 Methods

We used 1- and 2-dimensional (1- and 2-D) numerical landscape evolution modeling to explore the transient response of river

longitudinal profiles and river networks to various perturbations that move a river away from equilibrium, with particular
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emphasis on punctuated rigid-block forward tilting, and then compared these results to topographic analysis of river geomor-

phology on the western slopes of the Sierra Nevada and the Sierra San Pedro Mártir of Baja California, ranges proposed to

have been tilted westward in the late Cenozoic. For the topographic analysis of the Sierra Nevada and the Sierra San Pedro

Mártir, we used 3 arc-second (∼90 m) digital elevation models (DEMs) derived from the Shuttle Radar Topography Mission

and downloaded from Open Topography (http://opentopography.org). To map both real and simulated river networks, we cal-5

culated flow direction and accumulation using a steepest descent flow algorithm. All topographic analysis on real and simulated

DEMs was completed using the Matlab-based software package TopoToolbox (Schwanghart and Scherler, 2014).

2.1 Numerical landscape evolution modeling

For all numerical models, we used the stream power model of bedrock incision, which assumes the rate of bedrock incision

is proportional to the stream power per unit channel width and that incision is limited by the rate at which the river can10

detach bedrock particles, as opposed to the rate at which detached particles can be transported (Howard, 1994; Perron et al.,

2008; Siedl and Dietrich, 1992; Whipple, 2004; Whipple and Tucker, 1999). To simulate the evolution of the land surface, we

numerically solved the following governing equation using a forward-time upwind-space finite-difference solver:

δz

δt
=U −KAm|∇z|n |∇z| ≤ Sc

δz

δt
=U − ξl |∇z|> Sc

(1)

where z is land surface elevation, t is time, U is rock uplift rate relative to base level, K is an erodibility coefficient, A15

is drainage area, m and n are empirical constants, Sc is a critical gradient above which landsliding is initiated, and ξl is the

erosion rate required to reduce slopes to Sc across the domain in a single time step. The equation in the bottom row imposes

a maximum hillslope gradient and is a simple representation of threshold-controlled landsliding in which rock required to

decrease gradient down to Sc is removed from each over-steepened cell through an iterative process during each time step until

the gradient of all grid cells in the domain is less than or equal to Sc.20

To simulate just the evolution of a river longitudinal profile, the problem is one-dimensional, and equation 1 can be simplified

to

δz(x,t)

δt
= U(x,t)−K(x,t)A(x,t)m

∣∣∣dz(x,t)
dx

∣∣∣n (2)

where x is distance along the river. Equation 2 is only valid some distance down slope, xc, of the drainage divide where

fluvial processes are active. In these 1-D river profile models we assumed drainage area along the channel can be described25

using Hack’s law, A= kax
h , where ka and h are empirical constants (Hack, 1957). Equations 1 and 2 take the form of a

nonlinear wave equation with a source term U and thus perturbations to river profile slope move up through a river network in

a wave-like manner with celerity, C, dependent on erodibility, K, and drainage area, A, as well as river slope, S = dz/dx in

1-D, if n is not unity such that C =KAmSn−1 (Tucker and Whipple, 2002). We use the terminology presented by Haviv et

al. (2010) and Whipple et al. (2013) to call a point that separates portions of a river profile with dissimilar channel steepness30
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a ‘slope-break knickpoint’ and a point at which offset of similar steepness channel profiles occurs a ‘vertical-step knickpoint’.

We use ‘knickzone’ to denote a portion of the river profile that has locally high channel steepness.

2.2 χ transformed river profiles for identifying equilibrium and transient forms in river profiles

For rivers in simulated topography and in the Sierra Nevada and Sierra San Pedro Mártir, we calculated the channel length-

drainage area scaling relationship, χ, that can be derived by solving equation 2 for steady-state or equilibrium conditions with5

uniform rock uplift rate, U , and rock erodibility, K.

z(x) = zb +

(
U

KAm
0

) 1
n

χ (3)

where

χ=

x∫
xb

(
A0

A(x′)

)m
n

dx
′

(4)

We define steady-state or equilibrium for a bedrock river as the state in which the time rate of change of river profile elevation10

is equal to zero, which occurs once river network area and slope adjust such that there is a perfect balance between input of

rock by rock uplift relative to base level and removal of rock by erosion. For these conditions, equation 3 shows that river

elevation scales linearly with χ. An equilibrium river profile with uniform rock uplift rate and erodibility will be linear on a χ

plot (i.e., a plot of river elevation as a function of χ) rather than concave-up, as it would be in an untransformed longitudinal

profile (Perron and Royden, 2013). Thus χ can be used as a proxy for the steady-state elevation of the river network as well as a15

convenient transformation variable that removes the effect of basin geometry and the downstream increase in drainage area on

river longitudinal profile shape (Perron and Royden, 2013; Willett et al., 2014). Tributaries in equilibrium with the same uplift

rate and with the same erodibility as the mainstem will be co-linear with each other as well as with the mainstem such that

all portions of an equilibrium river network collapse towards a single straight line on a χ plot, provided the correct reference

concavity (m/n) has been chosen and the analysis has been limited to the fluvial portions of the network (Clubb et al., 2014;20

Perron and Royden, 2013).

Deviations from a linear χ plot can be used to identify river profiles in a state of transient adjustment in response to changes

in rock uplift rate, rock erodibility, or basin geometry that move a river away from equilibrium or deviations from assumed

uniformity in uplift and rock erodibility (Perron and Royden, 2013; Willett et al., 2014). χ plots are particularly useful for

identifying transient knickpoints propagating through a river network that share a common origin because these knickpoints25

will collapse to the same χ value. In the same manner that transformed profiles remove the effect of downstream increases

in drainage area on river longitudinal profile shape, transformed profiles remove drainage area effects on the perturbation

travel distances. We exploit these properties of transformed river profiles to identify portions of the river network that are near

equilibrium (i.e., linear χ plots), versus out of equilibrium (i.e., nonlinear χ plots), as well as to test whether transient signals

have a common origin (transient signals located at the same point in χ space).30
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WithA0 = 1, the coefficient in front of the integral quantity χ in equation 3 is the channel steepness, ks (Perron and Royden,

2013):

ks =

(
U

K

) 1
n

(5)

and thus ks is the slope of a χ plot. Throughout the paper we use channel steepness or profile steepness to refer to ks. We

never use steepness as a synonym of channel gradient.5

2.3 Estimating time since perturbation

The fluvial response time, τ , defined as the time for a perturbation originating at base level to travel to any point on the river

network, is given by the upstream integral of the inverse wave speed:

τ =

x∫
xb

1

KAmSn−1 dx (6)

When (1/KAm
0 )

1
n is included in the integral in equation 4, χ has units of time and the integral yields the fluvial response10

time for the case of n= 1 (Whipple and Tucker, 1999; Willett et al., 2014). Thus, if n= 1 and K is uniform, τ is simply χ/K.

For other cases of n, τ can be estimated analytically for quasi-equilibrium river profiles by solving for slope under steady-state

conditions in equation 2 (Willett et al., 2018), such that

S ≈
(
U

K

) 1
n

A
−m
n (7)

Substituting equation 7 into equation 6 gives the following expression for τ15

τ ≈ ks
χ

U
(8)

We used 1-D simulations to explore more quantitatively how deviations away from n= 1 may influence τ values estimated

for real landscapes if it is assumed that n= 1.

2.4 Parameter values

For the simulations, we selected common values from published studies for all parameters in the stream power model of20

bedrock incision. The concavity index, θ =m/n, has been shown to commonly range between 0.4− 0.7 for equilibrium

channels (Lague, 2014; Stock and Montgomery, 1999; Tucker and Whipple, 2002; Whipple and Tucker, 1999). Although the

slope exponent, n, has been shown to be commonly greater than unity from relationships of channel steepness with erosion rate

(DiBiase et al., 2011; Harel et al., 2016; Lague, 2014; Ouimet et al., 2009), data on knickpoint propagation is best explained

with n= 1 (Lague, 2014), and mechanistic approaches yield estimates ranging between 2/3 and 5/3 (Whipple et al., 2000;25

Larimer et al., 2019). Given the uncertainty in the value of n and the simplicity of the n= 1 case, we assume n= 1 for all

simulations and analyses. However, we also ran 1-D simulations with both n= 2/3 and n= 5/3 and present these results in the
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supplement. For n 6= 1 simulations we adjustedm andK such that both concavity and fluvial relief remained constant between

these simulations and those in which n= 1. We chose a reference concavity index, θref , of 0.45 for all simulations. Thus ks as

calculated in equation 5 is equivalent to the normalized channel steepness index, ksn, as described by Wobus et al. (2006), and

hereafter will be referred to as such. We used 6.69 for the reciprocal Hack coefficient, ka (Whipple and Tucker, 1999) and 1.8

for the reciprocal Hack exponent, h (Hack, 1957). We chose a low background rock uplift rate of 50 mMyr−1 and a value of5

1×10−6 m0.1yr−1 for the erodibility coefficient, K, as this value allows χ to be read as response time in millions of years and

because it is similar to other published values (e.g., Beeson et al., 2017; Stock and Montgomery, 1999; Willett et al., 2018).

To calculate χ and ks in the Sierra Nevada and Sierra San Pedro Mártir, we assumed uniform U and K and describe below

how parameter values were estimated in these landscapes. Although we know rock type is nonuniform in both landscapes,

this approach reveals whether changes in channel steepness correspond with lithologic contacts or whether changes in channel10

steepness occur independent of rock type and might thus reflect temporal changes in boundary conditions. Furthermore, we do

not know K for each formation and therefore cannot calculate χ with local K values inside the integral (Willett et al., 2014).

With a 1-D model we demonstrate the signature that heterogeneous lithology would impart on χ plots in tilted landscapes. For

all river profile analysis, we clipped both DEMs by the mountain front on the western side to limit our analysis to bedrock

rivers. In the Sierra Nevada, we identified the mountain front using a threshold slope of 0.01 on a DEM that was smoothed with15

a 20 km moving window. In the Sierra San Pedro Mártir, we used the upstream boundary of Quaternary alluvium as mapped

by the Mexican National Institute of Statistics and Geography (INEGI, 1984). We used a scaling area, A0, of 1 m2 and defined

channel heads using a critical drainage area, Ac, of 0.5 km2.

3 Modeling equilibrium fluvial longitudinal profiles

We solved equation 2 analytically to simulate equilibrium fluvial longitudinal profiles for the case where U is uniformly 5020

mMyr−1 (Fig. 1b) and numerically for the case in which U is a linear gradient from zero at the channel outlet to a maximum

uplift rate of 50 mMyr−1 at the channel head (Fig. 1c) and for the case with the reverse uplift gradient of maximum uplift rate

of 50 mMyr−1 at the channel outlet to zero at the channel head (Fig. 1d). We used a 200 km long mainstem river with three

40 km long tributaries that entered the mainstem at 20, 80, and 140 km upstream of the outlet (Fig. 1a). The tributaries were

made to run perpendicular to the mainstem such that the uplift rate for each tributary was equal to the rate experienced by the25

mainstem at the tributary confluence.

At steady-state, longitudinal profiles with uniform U are straight on χ plots (Fig. 1b) with the slope equal to the channel

steepness, but for the case in which U is a linear gradient from zero at the channel outlet to a maximum at the channel head,

profiles have positive curvature in χ plots, particularly near the channel outlet (Fig. 1c). The positive curvature χ plot results

from channel steepness increasing toward the channel head, which allows erosion rates to increase moving towards the channel30

head to balance the gradient in rock uplift rate. In contrast, for the case in which U is a linear gradient decreasing from a

maximum at the channel outlet to zero at the channel head (Fig. 1d), longitudinal profiles have negative curvature on a χ plot.
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